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The active magmatic processes beneath volcanoes in continental rifts is poorly understood. For example, 
until recently in the East African rift (EAR), the majority of the young volcanoes were thought to be 
inactive. More recent studies have shown that numerous volcanoes in the EAR are seismically active and 
deforming rapidly. However, an unambiguous sign of actively degassing magma hosted in shallow magma 
bodies has eluded most investigators. Here we present detailed analysis of the first low-frequency (LF) 
earthquake swarms to be observed in the Main Ethiopian Rift. The earthquakes locate to beneath Tullu 
Moye volcano and are directly related to the presence of a shallow magma body with a high fluid content. 
Using spectral modelling we show that the LF earthquakes appear to have low stress-drops (1–50 kPa) 
which we interpret in terms of low rupture velocities and high pore-fluid pressure. Careful relocation of 
the LF earthquakes place them approximately 4 km below the surface within one of two possible clusters. 
However, analysis of the correlation between earthquake waveforms show that each swarm contains a 
range of earthquake families and as such a diversity of earthquake source mechanisms. To explain these 
observations, we propose the seismicity is induced by H2O/CO2 fluid pulses from the shallow magma 
body into a highly fractured region. Fluid pulses cause high pore fluid pressures, which also cause the 
low rupture velocities.
© 2019 Published by Elsevier B.V.1. Introduction
Volcanoes are often the source of some of the most varied 
seismic signals observed in any geologic setting. In addition to rel-
atively ‘normal’ seismicity, usually referred to as volcano-tectonic 
(VT) events (Roman and Cashman, 2006), there are also occur-
rences of earthquakes characterised by their low frequency (LF) 
content (McNutt, 2005). These earthquakes are usually rarer than 
VT events (McNutt, 2005) and signify different processes occurring 
beneath the volcano (Chouet and Matoza, 2013). Globally, there 
is a variety of observed LF events and no uniform consensus on 
their exact mechanism (Chouet and Matoza, 2013). This is partly 
because observations are often made on different volcanoes, which 
may or may not have the same mechanism for LF events and partly 
because of the complexity in modelling these events (Chouet and 
Matoza, 2013).
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0012-821X/© 2019 Published by Elsevier B.V.Many LF earthquakes are located at shallow depths (< 1 km) 
and record the movement of fluids through the shallow subsur-
face. Magma movement, either preceding or during an eruption is 
often signified by LF repeating waveforms caused by brittle fail-
ure in, or near to, the conduit. Examples include the eruption of 
Soufriere Hills on Montserrat (Green and Neuberg, 2006) or Mt. St. 
Helens (Iverson et al., 2006). These waveforms typically have ex-
tended, resonating codas which can be modelled as a tube wave 
resonating through the low-velocity magma conduit (Neuberg et 
al., 2006). Alternative models for the extended LF codas include 
resonating hydrothermal fractures (Chouet, 1988; Kumagai et al., 
2005) or waves trapped in the surface low-velocity layer found 
in the unconsolidated ash and lavas on the slopes of most vol-
canoes (Bean et al., 2014). Most models for LF events are only 
applicable to shallow focus events, normally less than 1 km deep. 
At these depths, large changes in seismic velocity are common 
(magma/country rock, gas/country rock), and low-velocity channels 
act to trap waves and cause LF energy to radiate.
Deeper in the crust (> 10 km), LF earthquakes are associated 
with the movement of fluids through the crust but are not always 
2 T. Greenfield et al. / Earth and Planetary Science Letters 526 (2019) 115782Fig. 1. a) The location of the Bora–Tullu Moye (B-TM) volcanic region (yellow box) in relation to the Main Ethiopian Rift (MER), Lake Ziway and Aluto. Border faults are 
delineated by the tick black lines. The location of the MER in relation to Nubian, Arabian and Somalian plates is indicated on the inset by the yellow box. b) shows a zoom 
of the B-TM region with the volcanoes Bora, Berricia and Tullu Moye (TM) labelled. The lakes Ziway and Koka are labelled as well as the Wonji Fault Belt (WFB), Gedemsa 
caldera and the recent Giano lava flows. Black and red lines delineate faults and eruptive fissures respectively. The location and name of seismic stations used in this study 
are indicated by the black triangles. Epicentral locations of volcano-tectonic (VT, grey) and low-frequency (LF, yellow) earthquakes are indicated by the circles. Inset displays 
the depth distribution of VT (black) and LF (red) earthquakes from Greenfield et al. (2019). (For interpretation of the colours in the figure(s), the reader is referred to the 
web version of this article.)associated with imminent or ongoing eruptions (Power et al., 2004;
Shapiro et al., 2017; Frank et al., 2018). To fail in a brittle manner, 
high temperature rocks, or magma, must have high strain rates 
(Tuffen et al., 2008). For example, lower crustal earthquakes be-
neath Askja, a volcano in central Iceland, contain lower frequencies 
than shallower VT events and are associated with ongoing intru-
sion of melt in the lower crust (Greenfield and White, 2015). In 
contrast to many shallow LF events, deep LF events may have 
identifiable P- and S-wave arrivals (i.e. Power et al., 2004). The 
LF nature of the waveforms is usually ascribed to slower rup-
ture times due to higher temperatures in the source region. Im-
portantly, LF earthquakes may reveal insights into the movement 
of fluids through the subsurface of a volcano and can illuminate 
processes which are otherwise invisible (e.g. Frank et al., 2018). 
We present observations of swarms of LF earthquakes located at 
4–5 km depth beneath Tullu Moye (TM), a volcano located in the 
central part of the Main Ethiopian Rift (MER). These reveal the 
depth of a magma storage region beneath TM and give clues to 
its composition and volatile content.
2. Geological background
The MER accommodates rifting between the African plate (Nu-
bia) and the Somalian plate (Fig. 1). Rifting initiated during the 
Miocene and was initially accommodated by motion along large 
border faults which form the present-day rift valley (Bonini et al., 
2005; Woldegabriel et al., 1990; Wolfenden et al., 2004). Since 
2 Ma, the locus of rifting has moved away from the border faults to 
an ∼ 20 km wide rift axis with Quaternary-Recent volcanoes and 
cones cut by small offset normal faults. The rift axis is commonly 
called the Wonji Fault Belt (WFB, Fig. 1) (Mohr, 1968) and is delin-
eated by magmatic segments (Ebinger and Casey, 2001; Corti et al., 
2013). Associated with the magmatic sements are a series of cen-
tral volcanoes which are the manifestations of a channelised melt 
feeder system from the mantle to the surface.
TM is a central volcano located approximately 10 km south of 
the prominent caldera, Gedemsa, and centred on the WFB (Fig. 1). 
It is closely associated with the volcanic region of Bora-Berricia 
which abuts TM on its western edge. The TM region is dominated 
by a single, large, undated caldera with resurgent activity on it’s south-west flank. The TM crater, for which the region is named, 
is located atop a pyroclastic cone in the centre of this more re-
cent activity (Global Volcanism Program, 2013). A mix of both 
basaltic and rhyolitic products are erupted from TM, although the 
most recent activity is a series of obsidian domes erupted along 
a north trending fissure extending from TM. The most recent of 
these domes (Giano, Fig. 1) is dated to between 100 and 200 years 
ago (Gouin, 1979; Fontijn et al., 2018). A high heatflow is present 
across the region as indicated by an active, high-temperature hy-
drothermal system. Fumaroles, steam vents and altered soils are 
located in a number of regions across the area. The remoteness 
and lack of resources in Ethiopia means that TM is unmonitored 
and no publically available information is available on the tempo-
ral activity of the hydrothermal system.
The Bora–Tullu Moye volcanic region is one of the more ac-
tive regions of the MER with 5 cm of uplift observed using InSAR 
between 2004 and 2011 (Biggs et al., 2011). Uplift was centred 
beneath Bora and is indicative of fluid intrusion (volatiles and/or 
magma) into the shallow subsurface. Earthquakes were detected 
in the area during a seismic network deployed between 2001 and 
2003, with six located beneath the TM edifice itself (Keir et al., 
2006). There was no indication of any LF events during this period, 
although the large spatial extent of the network meant that the 
small magnitude LF events, if present, were unlikely to have been 
detected.
The region has been the focus of a more recent and denser seis-
mic network deployed between February 2016 – October 2017. The 
network consisted of up to 13 three-component broadband seis-
mic stations recording at 50 samples-per-second and with a station 
spacing of between 5 and 10 km. A total of 1200 earthquakes were 
detected during the length of the deployment and were analysed 
in the recent study of Greenfield et al. (2019). These earthquakes 
were predominantly VT and occurred in swarms clustered into 3 
regions (Fig. 1). One cluster was located beneath the TM edifice, 
while the other two were not associated with any particular vol-
canic features. All the seismicity was located shallower than 5 km 
below-sea-level (Fig. 1). This seismicity is interpreted as being 
driven by hydrothermal circulation interacting with a pre-existing 
fault network, probably created during caldera formation. Analy-
sis of the frequency index (amplitude ratio between two frequency 
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significantly lower frequency content. In this study, we extend the 
analysis of these LF events.
3. Methods
3.1. Earthquake catalogue
We identify LF earthquakes from the catalogue of Greenfield et 
al. (2019) using the Frequency Index (FI). The FI (Buurman and 
West, 2010), defined as the logarithm of the ratio between the 
mean spectral amplitude within a high- (6–12 Hz, Ah) and low-
frequency band (0.6–1.2 Hz, Al) (Equation (1)), is used to define 
whether earthquakes are LF. We correct for the effects of atten-
uation to estimate the source F I using a simple 1D attenuation 
model (see Greenfield et al., 2019, for details). LF earthquakes 
around Tullu Moye are easily identified as those with a source 
FI less than zero (Fig. 2). Thirteen LF events are identified in the 





Manual inspection of the seismic traces around the identified LF 
events reveals that the automated procedure missed many LF 
events. The missed events occur closely spaced in time to the pre-
viously identified events and define swarms lasting between 13 
and 25 minutes (Supplementary Table 3). We manually pick the P-
and S-wave arrival times for every detected event and assign each 
pick a quality between 0 (best) and 4 (unused). Most of the events 
are only observed on the closest stations and have low signal-
to-noise ratios. P-waves are not easily detected and many of the 
earthquakes only have S-wave arrival times recorded.
We identify a total of five swarms over the length of the ex-
periment containing between 9 and 26 events (Supplementary Ta-
ble 3). Swarms do not appear to be correlated with the occurrence 
of large teleseismic earthquakes (Supplementary Figs. 1 and 2) or 
during certain parts of the year. However, we note that with only 
1.5 years of data it is difficult to statistically analyse any seasonal 
variations.
We locate LF events with more than 4 P and S picks on at 
least 3 stations using the software NonLinLoc (Lomax et al., 2009)
Fig. 2. Histogram of Frequency Index values for volcano-tectonic (VT) and low-
frequency (LF) events beneath Tullu Moye. Grey and white bars indicate the dis-
tributions for VT and LF events respectably.and the 1D velocity model from Greenfield et al. (2019; Supple-
mentary Table 1). We use the equation of Font et al. (2004) to 
form the probability density function (pdf), as it is more stable 
than a L2 norm in the presence of outliers. NonLinLoc then pro-
ceeds by sampling the pdf using an oct-tree approach in which 
high-probability regions are further sub-divided. This reveals the 
maximum-likelihood location and the pdf. The full NonLinLoc run 
details can be found in the Supplementary Table 2.
The low-quality nature of many of the arrival time picks and 
lack of P-wave arrivals results in high location errors (> 15 km) 
and a large amount of scatter in locations (earthquakes scattered 
over a region more than 5 km, Fig. 3). To improve hypocentral lo-
cations we relocate the seismicity using a double-differencing algo-
rithm, implemented in HypoDD (Waldhauser and Ellsworth, 2000). 
The high degree of similarity between many of the events gener-
ates a well-constrained problem and hypocenters with significantly 
smaller errors (< 2 km, Fig. 4).
To compare the waveforms generated by each earthquake, we 
calculate the cross-correlation coefficient between pairs of earth-
quakes recorded on nearby stations (Fig. 1). The waveforms are 
trimmed between 0.1 s before either the P- or S-wave (vertical 
or horizontal components respectably) arrival and 2.9 s after. In 
the case where the phase arrival was not manually picked, we 
use the theoretical arrival time calculated using a local 1D veloc-
ity model (Greenfield et al., 2019 and Supplementary Table 1). The 
waveforms are bandpass filtered between 0.5 and 3 Hz and then 
cross-correlated (Fig. 5a and b).
To generate earthquake families, in which all earthquakes corre-
late with each other above a defined threshold, we perform hierar-
chical clustering on the data. We use Dij = 1 − 1N
∑N
k=1 Cijk as the 
measure of ‘distance’, where Cijk is the correlation coefficient be-
tween earthquakes i and j recorded on station-component, k, and 
N is the total number of station-components (De Meersman et al., 
2009). The results are plotted as dendrograms (Fig. 5c) where clus-
ters of events which have inter-correlation coefficients greater than 
0.75 are coloured.
3.2. Stress drops
We calculate the stress drops of earthquakes by modifying the 
methods described by Abercrombie (1995) and Edwards et al.
(2010). We generate 5.2 s long waveform snippets around the S-
wave (horizontal components) arrivals for stations which record 
each earthquake. The waveform snippets are then detrended, ta-
pered using a 5% cosine taper, integrated to displacement and have 
the instrument response removed. Each snippet is then padded 
with zeros to a length of 1024 samples and has its amplitude 
spectra calculated using the multi-taper method (Park et al., 1987;
Prieto et al., 2009). We perform the same analysis on windows of 
data before each P-wave arrival to estimate the noise level of each 
observation (Fig. 5).
Spectral fitting is performed on portions of the spectra where 
the signal-to-noise ratio (estimated from the pre-P-wave arrival 
noise) is more than 3. We fit the generated spectra to the gen-
eralised Brune ω−2 model (Abercrombie, 1995):
( f ) = 0e
−(π f t/Q )
[1+ ( f / fc)γn]1/γ , (2)
where 0 is the long-period spectral level, f , the frequency, fc , 
the corner-frequency, t , the travel time between source and re-
ceiver, Q , the frequency-independent quality factor, n, the high-
frequency fall-off rate (on a log–log plot) and γ , is a constant. 
When t = 0, n = 2 and γ = 1; (2) is the same as the model origi-
nally described by Brune (1970). An alternative model proposed by 
Boatwright (1980) in which γ = 2 and the corner is sharper was 
4 T. Greenfield et al. / Earth and Planetary Science Letters 526 (2019) 115782Fig. 3. Locations of low frequency events using NonLinLoc. The X–Y, X–Z and Y–Z sections are displayed in the upper-left, upper-right and lower left panels respectively. 
Earthquake locations are indicated by symbols coloured by their respective swarm. Weighted mean locations for each swarm are indicated by the larger coloured symbols. 
The location of nearby VT events are indicated by the small grey circles. The location of faults (thin black lines), mapped caldera faults (thick black lines) and potential 
caldera faults (thick dashed lines) are delineated on the upper-left panel. The black box indicates the region plotted in Fig. 4.found to not improve the fit to the data, so we use the original 
Brune (1970) model.
The Brune model contains three fitting parameters: 0, Q and 
fc . We perform spectral fitting using a grid-search over all possible 
fc values between 0.1–100 Hz sampled in logspace. For each value 
of fc , a Nelder-Mead minimisation algorithm is then used to min-
imise the root-mean-square misfit between the data and model for 
0 and Q at each fc value (Fig. 6). By fitting the misfit function 
with a polynomial around the minima, we interpolate to find the 
global minimum and output the best-fitting 0, Q and fc . We es-
timate the error in fc by outputting the range of fc with misfits 
less than 10% greater than the global minimum.
To calculate the stress drop from the earthquake spectra we 
make standard assumptions. The first is that the geometry of the 
earthquake rupture is circular with radius, r, which, for these small 
magnitude earthquakes is likely to be the case. Given this assump-
tion, the uniform stress drop, σ , is related to the moment, M0, 






The second assumption is that corner frequency is related to the 
radius through the equation (Brune, 1970; Madriaga, 1976),
fc = k Vs
r
, (4)
where Vs is the shear wave velocity and k is a constant that re-
lates to the spherical average of corner frequencies for a specific 
theoretical model. By combining (3) and (4), the stress drop can 
be estimated using the corner frequency and the seismic moment, both of which can be estimated from earthquake spectra. An im-
portant feature of these equations is that any errors in k, Vs and fc
are cubed when (3) and (4) are combined, so it is vital that accu-
rate estimates of these parameters are made. We use shear wave 
velocities from a local 1D model (Greenfield et al., 2019) and, as 
discussed above, propagate any errors in the fc into the final stress 
drop estimates.
The constant k is dependent on both the model used and 
the type of wave analysed. We use more recent calculations 
from Kaneko and Shearer (2014) rather than the commonly used 
Madriaga (1976) values. Kaneko and Shearer (2014) construct a 
model similar to the dynamic model from Madriaga (1976), but 
avoid stress singularities at the rupture front by including a co-
hesive zone in which shear strength of the fault reduces with 
distance. For rupture velocities (V R ) equal to 0.9Vs , the k values 
for P- and S-waves are respectively 19 and 24 per cent larger in the 
Kaneko and Shearer (2014) model than with the Madriaga (1976)
model. Kaneko and Shearer (2014) also calculate k for V R vary-
ing between 0.5Vs and 0.9Vs , allowing us to see what effect the 
rupture velocity has on the calculated stress drops. Direct inver-
sion for the source mechanisms of the earthquakes (e.g. Ominato 
et al., 1998); which would have given us the source time function 
and therefore an estimate of the rupture velocity was attempted. 
However, the station distribution and signal to noise ratio was not 
sufficient to produce stable results.
3.3. Earthquake magnitudes
The local magnitude (ML ) of each event is calculated by first 
deconvolving the instrument response of the recorded waveforms 
and convolving the response of a Wood-Anderson seismograph. 
T. Greenfield et al. / Earth and Planetary Science Letters 526 (2019) 115782 5Fig. 4. Earthquake hypocenters calculated using HypoDD within the region outlined in Fig. 3. Coloured symbols highlight the location of earthquakes in swarms as indicated 
by the legend. Larger symbols show the average location of each swarm. Grey circles indicate the location of VT events. Faults, fissures and calderas in the vicinity of the 
earthquakes are delineated by the thin black lines. Right panel shows the depth section along the line A–B as indicated on the left panel. The location of the Tullu Moye 
crater is near the centre of the left panel.The maximum zero-to-peak amplitude (in mm) of each event is 
then inserted into the ML equation from Keir et al. (2006 and Sup-
plementary Information). The final value of ML is output as the 
mean ML using all stations with phase pick arrivals.






where ρ is the density, c is the wave speed, d is the distance from 
the source and Uθφ is the mean radiation over the focal sphere 
(0.63 for S-waves) and is needed when calculating the stress drop. 
Despite scatter, there is a clear relationship between the logarithm 
of M0 and ML (Fig. 7). However, the relationship is different for 
VT and LF events. LF events are observed to have higher moments 
than VT events at the same ML . This could be because the Wood-
Anderson instrument response, used in the ML calculation, does 
not have sensitivity to the low frequencies in the LF events. Of 
note, is that the relationship between log10 M0 and ML has a gra-
dient closer to 1 rather than the expected value of 2/3 (Kanamori, 
1977). The higher gradient for low magnitude events (ML < 3), 
was previously seen in Southern California (Shearer et al., 2006). 
As such, we calculate the moment magnitude for the events using
Mw = log10 M0 + C, (6)
where C is a constant. C is calculated by assuming that moment 
magnitude calculated using the Kanamori (1977) equation and the 
moment magnitude as we calculate it (Mw ), is equal when both 
are equal to 3. Following this, C equals −10.545. The relationship 
between calculated Mw and ML for each earthquake is shown in 
Fig. 7a. The gradient between the two magnitude estimates is close to 1, although neither the VT events or LF events have a 1 : 1 re-
lationship. In the case of the VT events, ML is overestimating Mw . 
This could be because the large proportion of short source-receiver
offsets in our experiment. Raypaths for these short offsets spend 
longer (as a percentage) in the highly attenuating near surface lay-
ers and as a result ML can, counter-intuatively, be overestimated 
(Butcher et al., 2017). In contrast, the ML of LF events is under-
estimating Mw . As discussed above, this is probably due to the 




The low-frequency earthquakes are clustered beneath Tullu 
Moye volcano (Fig. 3). Relative relocations of the well-located 
events (Fig. 4) indicate two locations with a high likelihood of 
earthquakes occurring: northwest and east of TM crater. In depth, 
the LF earthquakes are most likely located between 3 and 7 km 
below the surface, although the error in depth is quite large. The 
nearby VT earthquakes have epicentres that lie to the southwest of 
LF seismicity (gray circles, Fig. 4) and are not located in the same 
clusters as the LF events. In depth the VT and LF earthquake dis-
tribution overlap significantly (Fig. 3).
4.2. Earthquake similarity
Using cross-correlation coefficients (CC), the similarity between 
LF earthquakes can be assessed. We find that, surprisingly, earth-
quakes within a single swarm are not all highly correlated (defined 
as CC > 0.75, Fig. 5). Instead, numerous earthquake families are 
observed (Fig. 8). This indicates that either earthquakes within a 
6 T. Greenfield et al. / Earth and Planetary Science Letters 526 (2019) 115782Fig. 5. Correlation matrix ordered chronologically (a) and by family (b). On a) black lines separate swarms (labelled on bottom edge). Black lines separate families on b). 
Lower panel shows the correlation between events as a dendrogram. The x-axis indicates the degree to which two events, or event clusters, are correlated. The correlation 
coefficient we use to define a cluster is indicated by the vertical dashed line.
Fig. 6. Spectral fitting using the Brune (1970) earthquake spectra model. Left panel displays: the amplitude spectra (grey line), the smoothed amplitude spectra (thick black 
line), the pre-P-wave noise spectra (dotted grey line) and the fit to the data (red line). Right panel shows the value of the cost function (root-mean-square misfit) against 
corner frequency for the plotted spectra. The green line indicates the polynomial fit to the data around the minimum used to calculate the corner frequency to sub-sample 
precision and estimate the error. The values of misfit corresponding to 10% and 20% error is indicated by the blue dashed and dotted lines respectively.
T. Greenfield et al. / Earth and Planetary Science Letters 526 (2019) 115782 7Fig. 7. Magnitude relations. a) shows the relationship between ML and moment magnitude (Mw ). A 1:1 relationship between the two magnitude estimates is delineated by 
a solid black line. Data points from each earthquake–component pair are plotted as grey circles and averages for each earthquake are plotted as coloured points with error 
bars. Orange pentagons are from VT earthquakes. Other colour points are the LF swarms labelled using the legend in the left panel. The solid and dashed lines indicate a 
gradient of 1 and 2/3 respectively. b) shows the relationship between local magnitude (ML ) and the logarithm of the seismic moment (M0) calculated from the long-period 
spectral level.Fig. 8. a) shows the occurrence of low-frequency earthquakes in particular clus-
ters. The six segments of the x-axis represent 30-minute-long periods starting at 
the time indicated below the respective segment. Earthquakes are plotted at their 
origin-time within their correct segment and according to their cluster id. Colours 
and symbols indicate the swarm each earthquake is located in according to the 
scheme in Figs. 3 and 4.
swarm are located across a wide region such that the waveforms 
are not similar, or that the earthquakes do not share common 
mechanisms.
4.3. Stress drop
We calculate the stress drops from all LF earthquakes and the 
1200 VT earthquakes from Greenfield et al. (2019). Most (61%) of 
the LF earthquakes have at least one stress-drop estimate from 
the stations which record each particular earthquake. We make 
only 58 (5%) stress-drop estimates from the VT earthquakes. The 
low percentage is primarily because of the relatively low sampling 
rate (50 samples-per-second) and that stations were placed very 
close to anthropogenic noise sources (e.g. schools, houses, med-
ical centres) which obscure the corner frequency. This results in 
greater errors in stress drop for VT events (Fig. 9) and because cor-
ner frequency scales with magnitude, only VT earthquakes with 
ML higher than 1.6 were analysed. The final stress-drop for each Fig. 9. Stress drop estimates from Tullu Moye seismicity plotted against moment 
magnitude. Results from VT earthquakes are plotted as orange pentagons with error 
bars. The remaining points indicate the results from LF swarms labelled as the leg-
end. The grey background region indicates the global range of stress drop estimates 
(1–100 MPa).
earthquake is calculated using the mean and summarised in Sup-
plementary Dataset 1.
A clear distinction is observed between the LF and VT earth-
quakes (Fig. 9). LF earthquakes consistently have stress-drops 1–2 
orders of magnitude smaller than VT earthquakes. The stress-
drop recorded for LF earthquakes also depends slightly on mo-
ment, while no such relationship is seen in the VT events (Fig. 9). 
Globally, stress-drops are observed to be between 1–100 MPa 
(Kanamori and Brodsky, 2004). Within error, most VT earthquakes 
fit in this range, indicating that our analysis produces sensible re-
sults and that the LF earthquakes are significantly lower in stress 
drop (Fig. 9).
5. Discussion
LF earthquakes are detected around numerous volcanoes around 
the world, although are most common during eruptive episodes 
(e.g., Iverson et al., 2006; Bell et al., 2017). Earthquakes during 
these swarms are highly similar to each other and contain long 
8 T. Greenfield et al. / Earth and Planetary Science Letters 526 (2019) 115782Fig. 10. Panels show the waveforms from a LF earthquake (top) and a VT earthquake (bottom) recorded by four stations around Tullu Moye. Each column displays the 
waveforms from one station with the top, middle and bottom row being the vertical, north and east components. Vertical, solid, red and blue lines indicate the P and S 
arrival time picks respectively. Dotted lines indicate theoretical arrival time picks. The epicentral distance is indicated next to the station name.resonating codas which can be the result of tube waves resonat-
ing within a magma conduit (Neuberg et al., 2006) or resonating 
cracks close to the surface (Chouet, 1988; Kumagai et al., 2005), 
for example. Importantly, the depth of these types of LF earth-
quakes are all very shallow (< 1 km). In contrast, the seismicity 
beneath TM does not contain a unique repeating event, although 
some similar earthquakes are present within many of the swarms. 
The earthquakes are fairly deep (approximately 3–7 km below the 
surface) and there is no evidence for extended codas (Fig. 10). As 
such, it is unlikely that the models used to explain the features 
of shallow LF events can be used to explain the LF earthquakes 
observed beneath TM.
5.1. Waveform properties
The stress-drop analysis shows that despite the LF energy, the 
spectra can be well-modelled using the Brune (1970) framework 
with a clear identification of fc . It is the value of fc that re-
sults in the low stress-drops calculated for the LF events. Within 
(2) there is a trade-off present between fc and the attenuation 
parameter, Q . Volcanic regions can have regions with very high 
attenuation (i.e. Zucca and Evans, 1992) especially near the sur-
face (i.e. Jolly et al., 2012). High attenuation can mask fc causing 
the spectra to be well fitted with low fc and ‘normal’ attenuation 
parameters. We can discount a high-attenuation path or station ef-
fect, as similar fc are recorded on different stations at different 
azimuths. The earthquakes being located in an unmodelled broad 
high attenuation region also seems unlikely as VT and LF earth-
quakes are located less than 2 km from each other (Fig. 4) and we 
calculate Q in the region around our earthquakes to be approxi-
mately 30 (Supplementary Fig. 3). This is similar to that observed 
in hydrothermal areas around many volcanoes (e.g. Clawson et 
al., 1989) and is characteristic of relatively high attenuation. Dis-
tinguishing between an extremely high attenuation source region 
and low corner frequencies is trickier. Simple modelling using the framework outlined in Section 3.2 show that to produce the low 
fc observed, Q of between 0.1 and 1 is required over a distance of 
280 m (travel time of 0.1 s at 2.8 kms−1). Such low values of Q
are lower than that observed around the melt lense beneath the 
East Pacific Rise (Wilcock et al., 1992) and lower than observed at 
temperatures greater than the solidus temperature of gabbronorite 
(Fontaine et al., 2005). While this does not prove that such low Q
is possible, it does suggest that regions which are so attenuating 
are probably not capable of supporting brittle failure. We there-
fore can conclude that attenuation can, at most, have only a minor 
effect on our stress drop results.
There is an implicit trade-off in the stress-drop analysis be-
tween σ and V R (as a fraction of Vs) of the earthquake because 
the rupture velocity affects the value of the parameter k in (4). Low 
V R reduces k resulting in a lower corner frequency required for 
the same stress-drop. Reducing V R to 0.5Vs (Kaneko and Shearer, 
2014) cannot account for the low stress-drops observed, but, sig-
nificantly lower V R (i.e. 1% of Vs) probably could account for the 
low observed stress-drops.
In such a model the stress-drops would be between 1–100 MPa 
(i.e., within global ranges) but low V R would result in low frequen-
cies being generated. Low V R are also responsible for generating 
the LF earthquakes analysed by Bean et al. (2014) on Etna, Sicily. 
However, in our case, the model is unlikely to be slow rupture 
of near-surface unconsolidated sediments because of the greater 
depth of the TM earthquakes. Slow rupture earthquakes are com-
mon in subductions settings where large magnitude slow ruptures, 
LF tremor and LF earthquakes all occur in the accretionary prism 
(Peng and Gomberg, 2010). The slow rupture velocities in these 
settings are primarily driven by high pore fluid pressures and/or 
high temperatures (Peng and Gomberg, 2010). It is these models 
which we appeal to in order to explain the occurrence of LF earth-
quakes beneath TM.
T. Greenfield et al. / Earth and Planetary Science Letters 526 (2019) 115782 95.2. Earthquake locations
LF seismicity is located in two regions to the north-west and 
east of the VT seismicity beneath TM. Relative earthquake loca-
tions (Fig. 4) clearly show that each swarm locates to one of the 
two earthquake locations. It may then be expected that earthquake 
families (as defined using earthquake similarity, Fig. 8) would only 
contain events from swarms which locate to one of the earthquake 
clusters. However, Fig. 8 shows that this is not the case. Instead 
certain families (i.e. family 5, Fig. 8) contain events from 5 out of 
the 6 identified swarms. Family definitions are very dependent on 
the windows used to calculate the cross-correlation coefficient and 
the minimum correlation value used to define a family. We var-
ied these parameters but could not separate earthquake swarms or 
clusters into distinct earthquake families. Instead, the high degree 
of similarity between events must be due to similar focal mech-
anisms within each cluster and the low frequency content. As a 
rule of thumb, earthquakes within a 1/4 wavelength of each other 
may be expected to share quite similar waveforms (Waldhauser 
and Ellsworth, 2000). For these LF earthquakes beneath TM, this 
distance is approximately 0.9–3.5 km (using a shear wave velocity 
of 2.8 kms−1 and frequencies between 0.2 and 0.8 Hz). The two 
clusters are located approximately 3 km from one another, sug-
gesting this is probably the cause of the similar waveforms. The 
high number of earthquake families present within a single swarm 
despite their similar locations suggest that earthquake mechanisms 
within a swarm are highly diverse. This is probably due to a wide 
range of seismogenic structures available for brittle failure.
5.3. Magma movement as a possible model
Volcanic regions are characterised by high temperatures and 
pore fluid pressures. These, in combination with large seismic ve-
locity contrasts formed during the movement of magma through 
the crust produce a variety of possibilities for the formation of 
LF events. Such models are often used to explain the deeper 
(depth > 5 km) LF earthquakes observed around many volcanoes 
(e.g., Greenfield and White, 2015; Hensch et al., 2019; Shapiro et 
al., 2017). However, the movement of melt is an unattractive op-
tion for explaining the LF events beneath TM. Firstly, given the 
relatively shallow focus of the seismicity we might expect any 
magma intrusion to be accompanied with surface deformation. De-
formation is observed around TM but is spatially centred 15 km 
west of the TM crater (Biggs et al., 2011). Secondly, while magma 
intrusion can be accompanied by small numbers of LF earthquakes, 
it is almost always accompanied with large numbers of migrating 
VT earthquakes (e.g., Sigmundsson et al., 2015). VT earthquakes 
are detected close to TM, but no migration is observed over the 
1.5-year network deployment, and VT events and LF events are 
spatially distinct from one another suggesting they have different 
mechanisms.
5.4. LF earthquake model
Given the lack of evidence for magma movement beneath TM, 
we propose that the LF seismicity is induced by the movement 
of volatiles through the crust. The volatiles are likely to be pre-
dominantly water, which at these temperatures and pressures is 
probably supercritical, although CO2 could also be present. The 
movement of these fluids would cause high pore fluid pressures 
which encourages brittle failure at lower stresses. The high pore 
fluid pressures would also cause the LF nature of the seismicity 
in a similar mechanism as beneath subduction zones (Peng and 
Gomberg, 2010).
The seismicity is located in two clusters (Fig. 4), and each 
swarm locates to one of the two locations. This indicates that, currently, there are two regions beneath TM that are capable of 
producing detectable LF seismicity. Therefore, there must either 
be two sources of high-temperatures and fluids, or one location 
and two preferred flow directions. A single source model seems 
unlikely, because there is no suggestion of any strong NW-SE struc-
tures in this area (Greenfield et al., 2019) and any radially expand-
ing fluid front would probably activate both clusters during a single 
swarm. Instead, we propose that there are two sources of the spe-
cific conditions in which LF earthquakes arise beneath TM. In these 
seismogenic regions, a diversity of fault orientations causes failure 
to occur in multiple different mechanisms, so causing the diversity 
of earthquake families we observe.
The fluids inducing the seismicity could be sourced from 
magma bodies beneath TM. Magmas in the MER can have very 
high volatile contents due to extensive fractionation in the crust 
(Iddon et al., 2018; Hutchison et al., 2018). Indeed, the most recent 
eruptions from TM are highly fractionated rhyolites, suggesting 
that a shallow magma chamber beneath TM could be rhyolitic. 
Recent conductivity measurements (Samrock et al., 2018) show a 
single high-conductivity region, consistent with a high-fluid, rhy-
olitic magma, present beneath TM. The location and depth of this 
body are in line with the hypocentral locations of the LF earth-
quakes, indicating that this magma body is probably the source 
for the high-temperatures and fluids driving LF seismicity. The 
conductivity observations suggest a single magma body, but our 
earthquake locations suggest either: two distinct places where 
fluids can be released into the surrounding crust, or, heterogene-
ity in fluid content and temperature within the body. The depth 
of this magma body is within the range of depths suggested 
for a heavily intruded, but seismogenic, region of the crust be-
neath Aluto (Wilks et al., 2017) and slightly shallower than the 
depth of magma intrusion beneath Corbetti (Lloyd et al., 2018;
Gíslason et al., 2015).
6. Conclusions
We have detected and located 6 swarms of low-frequency seis-
micity during a 1.5-year period close to Tullu Moye volcano in 
the Main Ethiopian Rift. Detailed analysis of the seismicity reveals 
that it is sourced from two locations at a depth of 1–5 km bsl 
(3–7 km below surface). We propose the seismicity is triggered by 
the release of volatiles (probably H2O/CO2 mixtures) from a shal-
low magma body centred beneath TM. The fluid source is likely to 
be a cooling magma body related to the most recent eruptive of 
Tullu Moye activity 100–200 years ago. The two clusters are loca-
tions where the pore fluid pressures are increased to high enough 
levels to induce brittle failure but with low rupture velocities. This 
causes the low-frequency content of the earthquakes. The results 
we present suggest a minimum depth for a potential magmatic 
body beneath Tullu Moye (∼ 4 km below the surface) and that it 
must have very high volatile content. This must mean that it is a 
silica-rich magma body that has undergone significant fractiona-
tion. Volatiles are then released from this body episodically.
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